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Abstract

We study the effects of incorporating surface mass transport and the gravitational potential energy of both crust and lithospheric

mantle to the viscous thin sheet approach. Recent 2D (cross-section) numerical models show that surface erosion and sediment

transport can play a major role in shaping the large-scale deformation of the crust. In order to study these effects in 3D (planform

view), we develop a numerical model in which both the dynamics of lithospheric deformation and surface processes are fully

coupled. Deformation is calculated as a thin viscous layer with a vertically-averaged rheology and subjected to plane stresses. The

coupled system of equations for momentum and energy conservation is solved numerically. This model accounts for the isostatic

and potential-energy effects due to crustal and lithospheric thickness variations. The results show that the variations of gravitational

potential energy due to the lateral changes of the lithosphere–asthenosphere boundary can modify the mode of deformation of the

lithosphere. Surface processes, incorporated to the model via a diffusive transport equation, rather than just passively reacting to

changes in topography, play an active role in controlling the lateral variations of the effective viscosity and hence of the

deformation of the lithosphere.

D 2005 Elsevier B.V. All rights reserved.
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1. Introduction

The thin-sheet approach has been widely used to

study the large scale deformation of the lithosphere

when it is submitted to external forces. This approach

considers the lithosphere as a thin viscous layer

(Vilotte et al., 1982) or as two layers, mantle and

crust (Bird, 1989) with vertically-averaged rheology

and subjected to plane stresses. Early thin-sheet mod-

els accounted for mechanical deformation only (Eng-
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land and McKenzie, 1983), whereas later versions

incorporated temperature-dependent viscosity (Bird,

1989; Sonder and England, 1989). Lateral variations

of lithospheric stiffness together with specific bound-

ary conditions (indentation, convergence velocity, etc)

have been incorporated to thin-sheet models to ex-

plain the deformation observed in collisional settings,

such as the India–Asia convergence zone (e.g., Eng-

land and Houseman, 1985; Vilotte et al., 1986; Neil

and Houseman, 1997; and reference therein), western

North America (Bird, 1988), north-eastern Brazil

(Tommasi et al., 1995), the Iranian plateau (Sobouti

and Arkani-Hamed, 1996), central-western Europe

(Marotta et al., 2001), Paleozoic deformation of Aus-
2005) 239–255
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tralia (Braun and Shaw, 2001), or the crustal defor-

mation driven by basal velocity (Ellis et al., 1995).

Despite the success of these models in reproducing

the main trends of orogenic topography and crustal

thickness, several oversimplifications limit the capa-

bility of reproducing some tectonic evolution where

the depth (lithosphere–asthenosphere boundary) and/

or surface processes play an important role. Stiff and

weak zones are often incorporated in to some of these

models as lateral variations of a parameter B, which

includes the dependence of the vertically averaged

viscosity of the lithosphere on temperature and com-

position, and it is therefore indistinctly attributed to

changes in the rock rheology, thermal properties, or

lithosphere thicknesses. In these works they used the

dimensionless Argand number as a measure of the

magnitude of buoyancy forces caused by gradients in

crustal thickness relative to the viscous stresses.

Values of the Argand number derived from lithospher-

ic-scale modelling range between 0 (very strong) and

50 (very soft), but unfortunately these values are not

always consistent with experimentally determined rhe-

ological rock properties, and the Argand number

remains an arbitrary parameter of thin-sheet models

(England and Houseman, 1989). In spite of the strong

temperature dependence of viscosity (Sonder and

England, 1986; Neil and Houseman, 1997), most

thin-sheet numerical experiments on collisional set-

tings do not include thermal calculations. Several

authors have discussed the occurrence of stiff/weak

areas in terms of lateral variations of the thermal

regime (e.g., Molnar and Tapponnier, 1981; England

and Houseman, 1985; Tommasi et al., 1995; Neil and

Houseman, 1997) but the lack of a full thermo-me-

chanical formulation has impeded studying the feed-

back effects between deformation and temperature

changes.

One of the most influential rock properties on

temperature distribution at lithospheric scale is the

heat production associated with natural radioactive

decay, which amounts about 40% of the total heat

released to the atmosphere by the continental litho-

sphere (Pollack and Chapman, 1977). Volumetric heat

production measurements range between 0–0.02 AW
m�3 for mantle rocks, 0.1–1 AW m�3 for lower

crustal rocks, and 1–4 AW m�3 for upper crustal

rocks (Wollenberg and Smith, 1987), although depth

variations of radiogenic heat production in continental

crust have been largely debated in the literature (e.g.,

Morgan et al., 1987). In previous thin-sheet models,

heat production has been either neglected (Sonder and

England, 1989) or incorporated as a constant value
for the crust and lithospheric mantle (Bird, 1988,

1989).

Apart from tectonic boundary forces and rheology,

thin viscous sheet deformation is also controlled by

lateral variations of gravitational potential energy with-

in the plate. Most thin-sheet models calculate these as a

function of the crustal thickness variations, assuming

constant densities for crust and mantle and neglecting

the density contrast between lithosphere and astheno-

sphere. However, the lithospheric mantle is known to

play a significant isostatic role (e.g., Torne et al., 2000;

Garcia-Castellanos et al., 2002; Jiménez-Munt et al.,

2003). Therefore, calculating gravitational potential

energy contrasts and thin-sheet deformation requires a

thermo-mechanical model also accounting for the den-

sity variations in the lithospheric mantle and the as-

thenosphere.

Another process that has been systematically over-

looked in previous thin-sheet models is surface trans-

port. Although Braun and Shaw (2001) designed a

model in which thin-sheet deformation and surface

diffusive transport where simultaneously calculated to

reproduce the Australian Palaeozoic lithospheric defor-

mation, a detailed study of how these two processes

interact is still needed. It has long been understood that

tectonic uplift controls the atmosphere and ocean cir-

culations and therefore also the global climate, which in

turn affects the localisation of rock weathering and

erosion (Ruddiman, 1997; and references therein). In-

versely, over the last fifteen years it has become clear

that both erosion and climate can also have a significant

impact on the tectonic evolution of orogens. This has

resulted in a number of papers using both analogue and

numerical modeling techniques to study the interplay

between surface and crustal-scale processes. Numerical

models have demonstrated that syntectonic erosion

affects the localisation of deformation within the oro-

genic wedge and have constrained the conditions under

which these feedback mechanisms lead to steady state

topography (Jamieson and Beaumont, 1988, 1989;

Beaumont et al., 1992, 2000; Willet, 1999; Willett

and Brandon, 2002). Surface mass redistribution pro-

duces noticeable pressure changes at deep crustal

levels, hence influencing on the timing of fault activa-

tion and the tectonic evolution of orogens. Surface

transport has also been proposed to prevent collapse

of an intracontinental range as removal of material from

topographic heights and deposition in the foreland op-

pose to spreading of the crustal root (Avouac and

Burov, 1996). In addition to the effects of erosion, the

load of sediment in foreland basins formed in front of

orogens induces forward propagation of thrusting (Cob-
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bold et al., 1993; Mugnier et al., 1997; Persson and

Sokoutis, 2002; Persson et al., 2004).

Finally, most of these studies are limited to a 2D

cross-section approach, whereas orogen-basin systems

often present a marked three-dimensionality that influ-

ences both tectonics and, particularly, surface transport.

In this work, we apply a finite difference numerical

code called Uhuru, based on a program initially

designed for the neotectonic study of the Africa–Eur-

asia plate boundary from Azores to Gibraltar (Jiménez-

Munt et al., 2001). The present model is able to deform

the crustal and mantle boundaries, allowing for large

amounts of deformation and tracking the long-term

temperature evolution, overcoming the limitations de-

scribed above. Relative to previous thin-sheet models,
Fig. 1. a) Conceptual cartoon of the numerical model, integrating lithosp

topography (grey shading), and mean surface heat flow values (bold num

regions, on which the synthetic models of this study are inspired.
the main innovative aspects of this code are: 1) coupled

calculation of the thermal and mechanical equations

governing lithospheric compressional deformation

under the thin viscous sheet approach; 2) isostatic and

potential-energy effects of lithospheric thickness varia-

tions; 3) exponential decrease with depth of radiogenic

heat production within the crust; 4) erosion and sedi-

mentation are calculated coupled with the lithospheric

processes. This tool allows us to evaluate the 3D inter-

action between lithospheric deformation, thermal evo-

lution, and surface processes during continental

collision (Fig. 1a).

In order to study this interaction, we choose a sce-

nario where erosion/sediment accumulation and lateral

variations of the base of the lithosphere are large. Thus,
heric-scale deformation and surface transport. b) and c) show the

bers, mW/m2) of the Betic–Alboran and the Carpathian–Pannonian
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we have chosen as initial set-up an elevated arc of

thickened crust and lithosphere, surrounding a basin

with shallow lithosphere–asthenosphere boundary.

This scenario is inspired on continental back-arc set-

tings as the Betic–Rif–Alboran and the Carpathian–

Pannonian systems (Fig. 1b,c).

2. Fundamentals of thin-sheet deformation

The thin-sheet approach for lithospheric deformation

assumes local isostasy and vertical integration of the

lithospheric strength to reduce the three-dimensional

problem to a planform model, where the horizontal

velocity components do not change on depth (England

and McKenzie, 1983; Bird, 1989). The geodynamic

finite-difference code calculates the lithospheric defor-

mation and stress distribution by coupling the equilib-

rium and constitutive equations for a highly viscous

fluid and considering the gravitational potential energy

related to crustal and lithospheric mantle thickness

variations (Jiménez-Munt et al., 2001).

The equilibrium equation for the lithosphere is given

by,

Brij

Bxj
þ qgi ¼ 0 i; j ¼ 1; 2; 3 ð1Þ

where gY ¼ 0; 0; gð Þ is the acceleration due to gravity

and rij =sij +1 /3 dijrkk is the total stress; rkk is the sum

of the terms of the diagonal from the stress tensor,

rkk =r11+r22+r33, and dij =1 if i= j and dij =0 if

i p j, where index 3 corresponds to the vertical compo-

nent. The deviatoric stress, sij, is related to the strain

rate through the constitutive equation (Sonder and Eng-

land, 1989; Ellis et al., 1995),

s̄sij ¼ 2gėeij i; j ¼ 1; 2; 3 ð2Þ

where g is the effective viscosity and ėij is the strain

rate tensor.

Under the assumption of plane stress, where the

vertical shear stress are negligible (ė13= ė31=
ė23= ė32=0), the vertical component of the stress r33

yields,

Br33

Bx3
¼ � qg: ð3Þ

These assumptions allow the deformation of the

lithosphere to be treated in terms of vertically-averaged

magnitudes. Therefore, the momentum equations are

vertically averaged along depth x3 within the plate.

Considering Eq. (3), the fluid incompressibility

ė33=� (ė11+ ė22) and the relation between the strain
rate and the velocity field ėeij ¼ 1
2

Bui
Bxj

þ Buj
Bxi

� �
, the hor-

izontal components of Eq. (1) result in

B

Bx1
2g 2

Bu1

Bx1
þ Bu2

Bx2

� �� �
þ B

Bx2
g

Bu1

Bx2
þ Bu2

Bx1

� �� �

¼ Bp̄p

Bx1

B

Bx1
g

Bu2

Bx1
þBu1

Bx2

� �� �
þ B

Bx2
2g

Bu1

Bx1
þ 2

Bu2

Bx2

� �� �

¼ Bp̄p

Bx2

or, written more compactly,

B

Bxj
g

Bui

Bxj
þ Buj

Bxi

� �� �
þ B

Bxi
2g

Bu1

Bx1
þ Bu2

Bx2

� �� �

¼ Bp̄p

Bxi
ð4Þ

where i,j =1,2 are the horizontal components; u1 and

u2 are horizontal components of the velocity vector

and they are the two unknowns; and p̄ is the depth-

averaged vertical stress over the plate to include the

gravitational potential energy variations induced by

lateral variations in crustal and lithospheric mantle

thicknesses, therefore, this value also depends on the

asthenosphere density.

The vertical strain rate is calculated assuming

incompressibility, leading to the following expression

for the changes in crustal thickness in an Eulerian

reference system,

Bs

Bt
þj

Y
sd uY ¼ ėe33s ð5Þ

where s is the crustal thickness, t is time and Yu is the

velocity vector.

The effective viscosity g depends on temperature

and velocity, and it is calculated from the depth-integral

of the yield stress envelope. Deformation occurs by

frictional sliding or dislocation creep. At each depth,

the yield stress is given by the lesser of the brittle and

ductile strength (Jiménez-Munt et al., 2001). The fric-

tional sliding is a function of depth x3, according to

sbrittle=b x3, where the brittle failure coefficient b is the

yield stress gradient depending on the type of fault, the

angle of fracture and on the pore-pressure. Following

Lynch and Morgan (1987), this coefficient amounts 16

MPa/km for extension and 40 MPa/km for compres-

sion. Ductile deformation is governed by the power law

creep equation when the applied stresses are less than

200 MPa and by the Dorn law equation for larger
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stresses (e.g., Goetze and Evans, 1979). Then, the

ductile deformation is given by,

Power law : sductile ¼
ėe
A

� �1=n

exp
Q

nRT

� �
sV200 MPA

Dorn law : sductile ¼ rd 1� RT

Qd

ln
ėed
ėe

� �� �1=2
" #

sN200 MPA ð6Þ

where A, Q, n, rD, QD and ėD are material constants

depending on the rock-type, R is the gas constant and T

is the absolute temperature. ė is an effective strain rate

given by the second invariant of the strain rate tensor

ėe ¼ 1

2
ėe211 þ ėe222 þ ėe233
	 


þ ėe212

� �1=2

:

The experimental determinations of the rheological

parameters show large uncertainties, and different data

sets have been used in literature to describe the me-

chanical behaviour of rocks leading to different strength

envelopes (e.g., Fernàndez and Ranalli, 1997). We have

considered that the crust is divided into a 2 /3 thick

upper crust with a quartz-rich composition and a 1 /3

thick lower crust with an intermediate composition

between diabase and diorite. In this work we have

used a representative rheological parameters (Table 1)

obtained from average values from different studies

(Lynch and Morgan, 1987). The effective viscosity g
is calculated from the depth integral of the yield stress

envelope and it is a function of the temperature and the

local strain rate.

Eq. (4) expresses that, for given boundary conditions

(stress or velocities), the velocity field on the thin plate
Table 1

Densities: water, sediments, crust and asthenosphere (qw, qsed, qc, qa)

lithospheric mantle: qm=qa (1+(T lit�Tmoho) a / 2)
Volumetric thermal expansion of lithospheric mantle (a)
Base of the lithosphere, isotherm (T lit)

Conductivities: sediments, crust, lithospheric mantle, asthenosphere

Heat production: sediments+crust, lithospheric mantle (x3: depth, km)

Surface, bottom (x3=300 km) temperature. Boundary condition Eq. (7)

Thermal diffusivity

Rheological Upper crust: A [MPa�n s�1], n, Q [kJ m

Lower crust: A [MPa�n s�1], n, Q [kJ

Lithospheric mantle: A [MPa�n s�1],

Dorn law: rD [Pa], QD [kJ mol�1], ėD [

Reference strain rate

Model domain

Spatial discretization grid (dx1, dx2, dx3)

Time step
depends on the lateral variations of the viscosity and

gravitational potential energy. The effective viscosity

depends on the plate strength and therefore, on the

rheology of the lithosphere. A hard lithosphere can

hold higher variations of the gravitational potential

energy related to crustal and/or lithospheric mantle

thickness variations. In contrast, a soft lithosphere

doesn’t permit large gradients of vertical stresses, pre-

venting large lateral thickness variations. On other

hand, the gravitational potential energy is a function

of the density and thickness of sediments, crust, litho-

spheric mantle and asthenosphere, and doesn’t depend

on the rheology.

Moreover, the integrated strength profile of the lith-

osphere determined by the rheological constitutive re-

lation of the dominant minerals is strongly temperature

dependent. The temperature distribution is given by,

dT

dt
¼ j

K
j
Y

Kdj
Y
T

� �
þ j

K
H ð7Þ

where j is the thermal diffusivity, K is the thermal

conductivity, H is the volumetric radiogenic heat pro-

duction (decreasing exponentially with depth in the

crust and sediments, H(z)=Hsurf exp(�x3 /b), and con-

stant in the lithospheric mantle; Table 1), and dT
dt

¼
BT
Bt

þ uY dj
Y
T is the total derivative and therefore

includes the advective term. The thermal model is

simplified by considering only the vertical component

of heat conduction. Eq. (7) is solved in 1-D using the

finite difference technique and fixing the temperature at

surface and at 300 km depth in the asthenosphere

(Table 1). The lithosphere–asthenosphere boundary is

defined as the depth to a reference isotherm (in this

work Tlit =1600 K), which is affected by thermal ad-

vection (deformation), thermal conduction, and radio-

genic heat production. To simulate the adiabatic
1030, 2450, 2800, 3200 kg/m3

3.5 d 10�5 K�1

1600 K

2.4, 3, 3.2, 100 W m�1 K�1

2.5 d exp(�x3 /15), 0 AW m�3

273, 1800 K

1 d 10�6 m2/s

ol�1] 2.5 d 10�8, 3, 138

mol�1] 3.2 d 10�3, 3, 251

n, Q [kJ mol�1] 103, 3, 523

s�1] 8.5 d 109, 100, 5.7 d 1011

4 d 10�16 s�1

1500�1500 km

16666, 16666, 340 m

0.2 My
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gradient on the asthenosphere, we have assumed that it

has a high thermal conductivity (~100 W m�1 K�1).

The change in thermal conductivity between lithospher-

ic mantle and asthenosphere is also a dynamic bound-

ary, which moves with the isotherm that defines the

base of the lithosphere (Tlit) and occurs 20 km beneath

this isotherm.

To solve the equilibrium and thermal equations (Eqs.

(4) and (7)) we have used the finite difference technique

with an Eulerian scheme (the grid is fixed in time). At

each time-step and each point of the planform grid we

obtain the horizontal velocities from Eq. (4), and the

vertical strain rate from the incompressibility condition.

From Eq. (5) we calculate the new crustal thickness.

Then, we solve vertically the thermal Eq. (7) using the

finite difference technique and Crank Nicholson

scheme, fixing the temperature at the surface and bot-

tom (Table 1). With this new temperature field, we

determine the depth of the base of the lithosphere

(fixed isotherm) and the new strength envelope and

viscosity.

The power-law rheology implies that the effective

viscosity is a function of strain rate; therefore, usually

iterative solvers are used to calculate the horizontal

components of velocity on Eq. (4). However, we have

explored that if the time step is small and velocity

changes in time are not abrupt, it is enough to use the

previous strain rate to calculate the viscosity at each

time step.

The potential of this method is to study in plain view

lithospheric deformation processes through time in

compressive and/or extensive tectonic settings. Main

constraints are elevation, crustal and lithospheric evo-

lution, velocity field, stress direction, tectonic regime,

finite rotations and vertical movements.

In the following sections we show the results of

several numerical experiments in compressional set-

tings to quantify and evaluate the influence of body

forces induced by variations of the topography of the

lithosphere–asthenosphere boundary and surface mass-

transport processes causing erosion and sedimentation.

3. Reference model (Model 1)

To perform our calculations, we use an initial setting

that resembles a planform-curved orogen located next

to a backarc basin. Examples for this scenario include

(Fig. 1) the orogen-basin systems of Betic–Rif–Alboran

(Torne et al., 2000) and Carpathian–Pannonian Basin

(Cloetingh et al., 2004). Erosion of more than 5 km of

rock from the Middle Miocene to present in the Eastern

Carpathians, and sediment accumulations of up to 8 km
in both the Pannonian Basin and the Alborán Basin

show that surface mass transport has played a signifi-

cant role in defining the present crustal thickness dis-

tribution. In both cases, the arched planform geometry

and the back-arc extension in the core of and orogen

seem to be related either to slab retreat or mantle

delamination (eastwards in the Carpathians and argu-

ably westwards in the Gibraltar Arc). However, this

problematic is beyond the interests of the present

study, which is focused on the thermomechanical re-

sponse to compression once the central basin is already

formed.

On Fig. 2, we show the initial geometry adopted for

Model 1, which we will use as a reference model

hereafter. It consists of an orocline of thickened litho-

sphere surrounding a thinned-lithosphere basin area.

Crustal thickness changes from 17 km in the central

basin to 46 km in the orogen and 32 km in the foreland.

Initial lithosphere thickness is defined varying between

71 km in the basin to 136 km in the orogen and 120 km

in the foreland. Under these conditions and assuming

local isostasy and steady-state thermal regime (e.g.,

Jiménez-Munt et al., 2001), the resulting initial eleva-

tion varies from �1.78 km (below sea level) in the

basin to 2.15 km in the thickened area and 255 m in the

foreland. The thermal and rheological parameters used

for this model are shown on Table 1, resulting in the

yield stress envelopes displayed in Fig. 2a. These

strength envelopes show minimum lithospheric strength

in the basin and maximum strength in the foreland.

Note that we used representative compositions for the

upper and lower crust and the lithospheric mantle;

however, other compositions could result in different

lateral variations of the lithospheric strength and, there-

fore, varying the mode of lithosphere deformation.

However, it would not affect the conclusions of this

study.

Tectonic convergence is implemented as an in-

flow velocity in the southern and northern bound-

ary (Fig. 2b).

We have performed several models varying the con-

vergence rate from null to 20 mm/yr, in order to see the

role of the gravitational potential energy in front of the

tectonic compression. Fig. 3 shows the initial velocity

field and the vertical strain rate resulting from solving

Eq. (4) for the described initial lithospheric geometry

and boundary conditions, with a total of 10 mm/yr of

convergence rate (5 mm/yr on the northern boundary

and 5 mm/yr in the southern boundary; Fig. 3a), and

without convergence (Fig. 3b).

The resulting collapse of the mountain chain is not

only depending on the rheology of the lithosphere, but



Fig. 2. Initial set up of the reference model. a) Cross-section along the path S–N indicated in b), and stress envelopes at three selected locations.

Numbers indicate total (vertically integrated) lithospheric strength (in N/m) and associated viscosity (Pa.s). The parameters used are those from

Table 1. b) Plan view of the initial elevation and boundary conditions: convergence velocity to the south and north boundaries, and free slip on the

east and west boundaries. Model domain: 1500�1500 km.
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also is a function of the convergence velocity. For low

convergence velocities, the vertical thinning rate due to

the gravitational spreading of the orogen can exceed the

thickening rate related to convergence and net collapse

occurs (Fig. 3b). As seen in Fig. 3, the maximum

thickening rates occur initially at the central basin.

This is the result of accommodation of shortening in

the weaker basin area (Fig. 2a) and the inflow of

material towards the basin due to gravitational spread-

ing of the orogen (Fig. 3b). The addition of these two

effects explains the rotation towards the east of flow

velocity in the western side of the domain (Fig. 3a).

After 25 My of 10 mm/yr of convergence rate, both

lithosphere and crust have been thickened all over the

model domain (Fig. 4). Crustal thickening in the basin

amounts a factor of 1.3, whereas in the orogen reaches

1.2. Mantle thickness increases by a factor of 1.7 in the
basin favoured by thermal relaxation, while in the oro-

gen and in the foreland it increases only by a factor of

1.1. Mantle cooling under the basin overcomes tectonic

crustal thickening, yielding ~150-m-deeper bathymetry

after 25 Myr.

Fig. 5 shows the differences through time in eleva-

tion, crustal thickness and lithospheric mantle thickness

between the maximum and minimum values for differ-

ent convergence velocities. Crustal thickening in the

orogen is partially compensated by gravitational

spreading, which is proportional to topographic gradi-

ents. For this reason, considering a fixed amount of

shortening (grey dots), lower convergence rates result

in lower differences in crustal thickness between oro-

genic and basinal regions. The final stage of each

velocity convergence, after 150 km of shortening, has

been aligned (Fig. 5b, thick grey line). The resulting



Fig. 3. Initial velocity field (arrows) and vertical strain rate (colours, positive values for thickening and negative for thinning) calculated for the

setup shown in Fig. 2. Contours indicate crustal thickness in km. a) Applying a convergence rate of 10 mm/yr (5 mm/yr at the northern and southern

boundaries); b) null convergence velocity. Note the different scale of velocity arrows.
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Fig. 4. Elevation (a), crustal thickness (b) and lithospheric mantle

thickness (c) attained by Model 1 (reference model) after 25 Myr of

10 mm/yr of convergence rate. Dimensions of model domain:

1500�1500 km.
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line presents the same slope as the curve of the model

without convergence velocity, and it corresponds to the

gravitational spreading of the orogen towards the basin.
However, elevation is also influenced by the lithosphere

thermal evolution and hence, the resulting lithospheric

structure depends on the convergence velocity, even for

equal shortening values. From Fig. 5c, we see how the

lithospheric mantle evolution is affected principally by

the thermal relaxation, independently from the conver-

gence velocity. Initially the lateral variations of the

lithospheric mantle are decreasing due to the quick

thermal relaxation compare to the crustal thickening

under the basin. Later on (N35 My), the lithospheric

mantle thickness is getting thicker under the basin than

on the rest of the domain.

4. Effects of lithospheric mantle thickness variations

(Model 2)

Model 2 is designed to compare our model to those

which do not consider the body forces related to lateral

variations of the depth of the lithosphere–asthenosphere

boundary (e.g., England and McKenzie, 1983; Sobouti

and Arkani-Hamed, 1996; Neil and Houseman, 1997;

Marotta et al., 2001). To that purpose, in Model 2 we

consider that the base of the lithosphere–asthenosphere

boundary is 120 km everywhere, disregarding the tem-

perature reached at this depth, and the mantle litho-

sphere density is equal to the asthenosphere density.

Therefore, Model 2 dismisses the effect of the density

contrast between the mantle lithosphere and the as-

thenosphere in calculating the gravitational potential

energy for Eq. (4), and the elevation from local isostasy.

The initial crustal thickness is defined identical to

Model 1. Because Model 2 does not account for the

lithospheric mantle, the initial topography is not the

same as in Model 1, in this case varies from �0.41

km (under sea level) in the basin to 3.5 km in the

thickened area and 1.6 m in the foreland.

As shown in the previous section, the effective

viscosity is highly depending on the ductile stress

envelope and hence on the mantle temperature distri-

bution at each lithospheric column. To avoid effects due

to the variations on the viscosity pattern, we have

assumed the same initial temperature distribution and

we have calculated the temperature changes using the

same expression from the reference model. Therefore,

the differences between Models 1 and 2 would be only

due to the lateral variation of the gravitational potential

energy.

On Fig. 6, we compare the resulting vertical strain

rate, elevation and moho depth between Models 1 and 2

for three different stages (0, 15 and 30 My). The upper

panel shows that the vertical strain rate over the orogen

for Model 2 is higher than for Model 1, whereas over



Fig. 5. Effect of convergence velocity on the difference between maximum and minimum elevation (a), crustal thickness (b), and lithospheric mantle

thickness (c). Grey dots mark the duration of convergence such that the total amount of shortening is 150 km. The thick grey band in b) shows the

effect of the gravitational spreading.
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the basin it is the opposite, resulting with a smoother

vertical strain rate on Model 2. This is a result from the

lateral changes of the gravitational potential energy,

which variations are greater in Model 1 than in

Model 2. The difference of the gravitational potential
energy between the basin and the orogen is 58% higher

in Model 1 than in Model 2. The shallow lithosphere–

asthenosphere boundary beneath the basin and the lith-

ospheric root under the orogen helps the mountain belt

to collapse gravitationally. In consequence, Model 2



Fig. 6. S–N profiles (section located in Fig. 2a) of Model 1 (black lines) and Model 2 (grey lines) at 0, 15 and 30 My: vertical strain rate (ė33),
elevation (e) and moho depth.
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results, after 30 My, in a near 1 km thicker crust on the

orogen and 0.6 km thinner of the basin. The basin is

shallowing through time due to the increase in crustal

thickness at the expenses of the lithospheric mantle

provided that the depth of the base of the lithosphere

remains constant. The same reasoning explains the

progressive higher topography in the orogenic region.

5. Effects of surface mass redistribution (Model 3)

Model 3 accounts for surface transport of rocks from

orogen to the surrounding areas. To implement this

process, we adopt a diffusive transport approach in

two dimensions according to which surface rock flow

F
Y

is proportional to the local topographic gradient:

F
Y

¼ � Kd j
Y
e ¼ � Kd

Be

Bx
;
Be

By

� �
ð8Þ

where Kd is the diffusive coefficient of transport and e

is the elevation. Conservation of mass during transport

implies that the rate of erosion/sedimentation de / dt is

equal to the divergence of F
Y
:

de

dt
¼ �j

Y
F
Y ¼ Kdj

Y
d j

Y
e

� �
¼ Kd

B
2e

Bx2
þ B

2e

By2

� �
ð9Þ

where de / dt is positive for sedimentation and negative

for denudation. Sediment deposits are added to a sep-
arate sedimentary body in the code, whereas erosion is

subtracted from the uppermost layer (crust or sedi-

ment). The sedimentary unit is deformed with the

same velocity field as the crust and mantle lithosphere

(Eqs. (4) and (5)). Although this approach overlooks

the diversity of processes involved in erosion, transport

and sedimentation (e.g., landsliding, river incision, etc),

it is successful in reducing large-scale elevation differ-

ences through time by smoothing the topography, ero-

ding local topographic maxima and filling with

sediments local topographic minima. The simplicity

of this approach allows for an easy interpretation of

the interplay between surface- and lithosphere-scale

processes. Previous modelling studies interested in

this process interplay have used Kd values of 102–104

m2/yr (e.g., Flemings and Jordan, 1989; Avouac and

Burov, 1996) to simulate the long-term, large-scale

surface transport.

Fig. 7 shows the results after 25 My of 10 mm/yr of

convergence assuming a diffusive coefficient Kd=2000

m2/yr. All other parameters are the same as used in

Model 1. Erosion is localised in the elevated areas of

the orogen, where up to 10 km of rock are removed,

whereas sediments are accumulated in the surrounding

areas, particularly in the central basin (Fig. 7b). While

sediment thickness reaches values of up to 2 km in the

external foreland, the inner basin accumulates more than

7 km, mostly in connection with the deeper initial

bathymetry and the fact that it is surrounded by elevated



Fig. 7. Results for Model 3 (incorporating erosion and sedimentation) after 25 Myr of 10 mm/yr of convergence rate: a) elevation; b) eroded

(negative values) and deposited (positive) thickness; c) crustal thickness (sediments excluded); and d) lithospheric mantle thickness. Dimensions of

model domain: 1500�1500 km.
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areas. The topography and crustal thickness at this stage

(Fig. 7a and c) reflect the effects of surface transport in

smoother spatial distributions with less extreme maxi-

mum and minimum values (compare to Fig. 4).

A striking result is the prediction that surface trans-

port significantly affects lithospheric mantle thickness

thus evidencing the interaction between deep and sur-

face processes. Fig. 7d shows that Model 3 retains a

maximum in lithospheric mantle thickness under the

orogen, and enhances the minimum values in the basin

respect to the reference model (Model 1, Fig. 4c). This

is the result of the reduction of crustal thickness of the

orogen and the accumulation of sediments (with lower

density and thermal conductivity) in the surrounding

areas. Therefore, while surface transport reduces lateral

contrasts in topography and crustal thickness, it helps to

maintain more abrupt thickness variations in the litho-

spheric mantle. This idea is more conspicuously

reflected in Fig. 8, where the differences between the

maximum and minimum values of elevation, crustal

thickness and lithospheric mantle thickness are repre-
sented against time. Tectonic compression enhances the

initial contrasts in crustal thickness and topography and

increases through time the effects of gravitational

spreading. Surface transport opposes this tendency by

smoothing the topographic contrasts. In Model 3, mode-

rate to high erosion rates (KdN700 m2/yr) result in a

reduction in topographic and crustal thickness contrasts

after few million years. Surface transport tends to flatten

the top and bottom of the crust, thus reducing gravita-

tional forces and slowing down the gravitational col-

lapse of the orogen, and resulting in a slower reduction

of the thickness contrasts of the lithospheric mantle, as

see in Fig. 8c.

Surface transport also influences on the mode of

deformation through its effect on the thermal field.

Thermal blanketing produced by the low thermal con-

ductivity of sediments favours a slower lithospheric

heating. Similarly, erosion at the orogen reduces crustal

thickness and decreases the mean temperature of the

lithosphere, increasing its strength and delaying its

gravitational collapse.



Fig. 8. Effect of diffusive surface transport on the difference between

maximum and minimum elevation (a), crustal thickness (b), and

lithospheric mantle thickness (c). Each curve corresponds to a dif-

ferent value of diffusive coefficient Kd, indicated in m2/yr, and the

convergence rate is 10 mm/yr.
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The combination of these two effects (thermal blan-

keting and crustal thickness variations), explains the

difference between the curves in Fig. 8c. To evaluate

the relative importance of these two effects, we run a

model identical to Model 3 but using a sediment ther-

mal conductivity equal to that of the crust. The results

show that the differences in lithospheric thickness re-

spect to Model 3 were less than 300 m, which indicates
that the role of body forces related to lateral gradients of

depth-averaged vertical stress is one order of magnitude

higher than that of thermal blanketing.

6. Discussion

Thin-sheet models have been used to study the

patterns of crustal/lithospheric thickening and the evo-

lution of stress during continental collision. Extension

in overall compressional settings, for example, has been

explained as a consequence of lateral variations of

gravitational potential energy in a weak crust (average

effective viscosity lower than 1022 Pa.s; e.g., England

and Houseman, 1989; Shen et al., 2001; Liu and Yang,

2003). The model presented here confirms previous

results indicating that high potential energy related to

elevated topography reduces thickening at elevated

zones, eventually producing gravitational spreading of

those areas. A soft lithosphere cannot sustain large

lateral crust and lithosphere thickness variations, and

rock flow from mountain towards the foreland counter-

acts these lateral variations. At low convergence rates

(b3 mm/yr for average lithosphere effective viscosities

~1023 Pa.s) the gravitational collapse of the mountain

will gradually compensate the thickening related to

shortening. A wet lithosphere (weak plate, effective

viscosity V1022 Pa.s) can undergo net extensional col-

lapse also at convergence rates of ~10 mm/yr. There-

fore, the mode of deformation of the lithosphere is a

combination of the lateral gradients of the gravitational

potential energy of the lithosphere, the lateral variations

of viscosity and the tectonic forces, the two first effects

being dominant for moderate-to-low shortening rates

(Molnar and Lyon-Caen, 1988). A recent application

of this code (Jiménez-Munt et al., in press) shows that

the strike–perpendicular extension observed in the

western Alps is likely due to lateral variations of gravi-

tational potential energy, while the present rotation of

Adria is responsible for the strike–parallel extension

and transpression in the eastern Alps.

Our results also emphasize the relevance of buoy-

ancy forces related to the density contrast between

lithospheric mantle and asthenosphere. We have seen

that an orogen with a prominent lithospheric root lo-

cated next to a basin with a shallow lithosphere–

asthenosphere boundary, may change the mode of lith-

ospheric deformation produced by gravitational col-

lapse of the mountain belt. By considering lateral

variations of the depth of the lithosphere–asthenosphere

boundary, the presented thin-sheet model is able to

predict the evolution of a lithosphere that has lost part

of its mantle root by convective removal or delamina-
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tion. The effect of the lateral variations of potential

energy due to the replacement of lithospheric mantle

by lighter asthenosphere results in extension even under

high tectonic convergence as it has been proposed by

some authors in the Tibetan plateau (England and

Houseman, 1989).

Another aspect that has been investigated is the role

of radiogenic heat production and its depth distribution.

The variations of crustal thickness associated with tec-

tonic collision will change progressively the total ra-

diogenic heat, thus producing a feedback effect on the

resulting deformation. This effect depends strongly on

the considered depth distribution of radiogenic heat

sources such that a higher heat production and deeper

distribution implies a higher Moho temperature and a

lower effective viscosity. A change in crustal thickness

from 46 to 67 km produces an increase in Moho

temperature of 25 8C when a constant heat production

of 0.6 AW m�3 is considered, whereas this increase is

negligible for an exponential distribution (H(z)=2.5

exp(�z / 15) AW m�3). The deformation field in the

north-western Tibetan Plateau has been modelled as-

suming lithospheric strength variations explained by

changes in Moho temperature in the order of 10–30

8C (Neil and Houseman, 1997). Nevertheless, a change

of 25 8C in Moho temperature produces a variation on

the effective viscosity of around 16%, which indicates

that the depth distribution of radiogenic heat sources

plays an important role on lithospheric deformation.

Moreover, Sandiford et al. (2003) showed that the

long-term thermal response to rifting is particularly

sensitive to the distribution of heat sources in the

crust, changing the lithospheric strength and controlling

the localisation of rifting reactivation and basin forma-

tion. Therefore, these variations on the Moho tempera-

ture induce variations on the effective viscosity of the

lithosphere and produce a feedback effect on the resul-

ting deformation. Since experimental studies show that

radioactive isotopes are mostly concentrated in silica-

rich rocks (e.g., Wollenberg and Smith, 1987), thin-

sheet deformation models should incorporate some

kind of radiogenic attenuation with depth (e.g., Lachen-

bruch, 1970).

Cross-sectional analogue and numerical modelling

studies have shown that the length-scale of accommo-

dation of shortening in the upper crust (i.e., the prop-

agation of deformation towards the foreland) and the

mode of deformation itself are dependent on the spatial

distribution of erosion in the uplifted regions (e.g.,

Jamieson and Beaumont, 1988; Jamieson and Beau-

mont, 1989; Willet, 1999; Willett and Brandon, 2002;

Persson and Sokoutis, 2002). Thin-sheet models have
systematically neglected the effects of surface transport,

thus overestimating lateral gravitational forces. The

differences between our reference model (Model 1)

and that incorporating surface transport (Model 3)

show (Fig. 9) that the reduction of crustal thickness

and Moho temperature due to erosion results in a

significant increase of the effective viscosity of the

plate in the orogen (Fig. 9a). Similarly, the accumula-

tion of sediment results not only in an increased pres-

sure in the lithosphere, but also in thermal blanketing

and heating up of the plate, reducing its effective

viscosity. By changing viscosity, surface transport

also shifts the location of thickening (Fig. 9b), increas-

ing it under the sedimentary basins and decreasing it at

eroded areas (Fig. 9c).

Thin sheet models do not consider flexure of the

lithosphere, failing to account for the subsidence of

foreland basins developing at each side of the orogen

and, therefore, underestimating sediment accumulation.

Surface mass transport affects significantly on the large-

scale lithospheric deformation predicted by thin-sheet

models (Fig. 9d, e and f). In other words, erosion and

sedimentation, rather than acting just as passive process-

es responding to topographic changes, play an active

role in controlling lateral variations of the effective

viscosity of the lithosphere and hence of the mode of

lithospheric deformation. In our model, erosion modi-

fies the pattern of lithospheric deformation in three

ways: 1) by changing lateral depth-averaged vertical

stress and gravitational forces in the plate; 2) by chang-

ing the thickness and strength of the crust; and 3) by

modifying the thermal field at lithospheric scale. These

effects would be maximized in settings with high varia-

tions of topography favouring sediment accumulation,

as well as in places with high surface transport rates.

After 30 My of 10 mm/yr of convergence, the lateral

variations of the gravitational potential energy between

the basin and the orogen is about 50% lower when

assuming erosion/sedimentation (Model 3) than without

considering surface processes (Model 1). Moreover,

sedimentation at 0.4 km/My for 25 My increase the

Moho temperature 1358C, reducing the strength of

the lithosphere about 50%. Inversely, erosion at 0.4

km/My for 25 My decreases the mean lithospheric

temperature, reducing the Moho temperature about

1008C and increasing nearly 60% the strength of the

lithosphere. The control on the locus of deformation in

central Australia has been attributed to the changes in

Moho temperature due to the sediment accumulation

(Sandiford and Hand, 1998). Previous thin sheet mod-

els have incorporated stiff and weak zones attributed to

inherited structures and thermal perturbations, but our



Fig. 9. S–N profiles (section located in Fig. 2a) of the initial set up (black-dashed lines), and after 30 My of 10 mm/yr of convergence rate for Model

1 (without erosion, black lines) and Model 3 (with erosion/sedimentation, grey lines): a) effective viscosity; b) vertical strain rate; c) accumulated

erosion (negative values) and sedimentation (positive); d) elevation; e) crustal thickness; f) lithospheric mantle thickness.
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results show that lateral changes in crustal/lithospheric

strength can be also related to surface mass transport.

This result complements the effects of erosion on

crustal deformation obtained from cross-section crustal

models (Beaumont et al., 1992; Avouac and Burov,

1996; Willet, 1999; Persson and Sokoutis, 2002), and

suggests that along-strike variations of topography and

sediment transport can induce significant changes on

the developing crustal/lithospheric deformation. Effects

of the spatial organisation of fluvial networks on crust-

al deformation (described by Persson et al. (2004)
based on analogue modelling) indicate that future 3D

deformation models should be coupled with more

detailed surface transport processes.
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